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[1] Hyporheic exchange and biogeochemical reactions are difficult to quantify because of
the range in fluid-flow and sediment conditions inherent to streams, wetlands, and
nearshore marine ecosystems. Field measurements of biogeochemical reactions in aquatic
systems are impeded by the difficulty of measuring hyporheic flow simultaneously with
chemical gradients in sediments. Simplified models of hyporheic exchange have been
developed using Darcy’s law generated by flow and bed topography at the sediment-water
interface. However, many modes of transport are potentially involved (molecular
diffusion, bioturbation, advection, shear, bed mobility, and turbulence) with even simple
models being difficult to apply in complex natural systems characterized by variable
sediment sizes and irregular bed geometries. In this study, we synthesize information from
published hyporheic exchange investigations to develop a scaling relationship for
estimating mass transfer in near-surface sediments across a range in fluid-flow and
sediment conditions. Net hyporheic exchange was quantified using an effective diffusion
coefficient (De) that integrates all of the various transport processes that occur
simultaneously in sediments, and dimensional analysis was used to scale De to shear stress
velocity, roughness height, and permeability that describe fluid-flow and sediment
characteristics. We demonstrated the value of the derived scaling relationship by using it to
quantify dissolved oxygen (DO) uptake rates on the basis of DO profiles in sediments and
compared them to independent flux measurements. The results support a broad application
of the De scaling relationship for quantifying coupled hyporheic exchange and
biogeochemical reaction rates in streams and other aquatic ecosystems characterized by
complex fluid-flow and sediment conditions.
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1. Introduction

[2] Near-surface sediments in aquatic ecosystems are
critical in terms of many biogeochemical reactions such as
nitrification and denitrification, as well as gross primary
productivity and community respiration [e.g., Mulholland et
al., 2001; Peterson et al., 2001]. The sediment-water
interface is an assemblage of mineral particles, organic
and biogenic material, biological communities, and void
spaces producing a complex three-dimensional environment
that serves as a boundary for fluxes of water, solutes, and
particulate matter to occur. Fluid-flow and sediment con-
ditions control the transfer of reactive solutes, particles, and
biota across the sediment-water interface to depths of
several centimeters, and the gradients of these environmen-
tal factors control biogeochemical processes in sediments
[Huettel et al., 2003]. Aquatic ecosystems contain a wide
range of fluid-flow and sediment characteristics that gener-
ate complex transport conditions composed of diffusive,
advective, shear, and turbulent processes. These simulta-
neous transport mechanisms produce log-scale variability in

hyporheic residence times and spatial variability in the
environmental factors that control biogeochemical process-
es, which is why hyporheic exchange is considered to exert
primary control over the net ecosystem response of biogeo-
chemical processes in sediments [Findlay, 1995].
[3] Measuring biogeochemical reaction rates is difficult

because of the small-scale over which many microbial-
mediated reactions occur. Small-volume pore water sam-
plers produce solute concentration gradients on the scale of
centimeters in stream beds [Harvey and Fuller, 1998]. For
finer spatial-scale resolution, microsensor technology pro-
vides direct measurements of environmental variables in
near-surface sediments [e.g., Revsbech et al., 2005]. Con-
centration profiles across the sediment-water interface are
used to infer biogeochemical reaction rates using models
with various terms that simulate transport within sediments,
which include molecular diffusion, bioturbation, advection,
dispersion, and groundwater mixing [Bouldin, 1968;
Boudreau, 1984; Berg et al., 1998; Harvey and Fuller,
1998]. These models are typically empirical and are not
easily transferable to other aquatic systems, or even the same
system undergoing changes in fluid-flow and sediment
conditions.
[4] Interpreting reaction rates from concentration profiles

requires quantifying the transport mechanism within sedi-
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ments. There has been substantial work in this area for
coastal flat and marine ecosystems where the sediments are
often muddy or sandy, and fairly uniform in particle sizes.
For fine particle-sized sediments found in these systems, as
well as many lake sediments, the dominant transport mech-
anism is molecular diffusion. The molecular diffusion
coefficient in the sediments (D0

m) has been quantified using
the molecular diffusion coefficient (Dm) modified to accom-
modate the tortuosity between sediment grains, as well as
factors such as bioturbation and dispersion [Boudreau,
1984]. The parameterization of the D0

m in this manner
introduces empirical variables that can be difficult to quan-
tify, but its use in interpreting concentration profiles has
provided insights on the depth distribution of biogeochemical
reactions in sediments [e.g., Revsbech et al., 1981; Nielsen
et al., 1990; Thamdrup et al., 1994].
[5] Research in the area of hyporheic exchange processes

provides an alternative description of transport in sediments
with higher permeabilities. Savant et al. [1987], Thibodeaux
and Boyle [1987], Harvey and Bencala [1993], and Huettel
et al. [1996] demonstrated advective transport through
sediments using solute tracers and hydraulic measurements
that showed distinct flow patterns entering sediments and
returning to the water column a short distance away. This
advective transport mechanism is referred to as ‘‘pumping’’
where fluid-flow above the sediments generates a pressure
distribution at the sediment-water interface driving flow into
and out of the permeable sediments. The most frequently
used model based on advective pumping [Elliott and
Brooks, 1997a] assumes a sinusoidal pressure distribution
at the sediment-water interface, and has been used to
analyze the results of flume investigations examining hypo-
rheic exchange for conditions of fairly uniform sand sedi-
ments and regularly shaped bed forms [e.g., Elliott and
Brooks, 1997b]. More recent studies have examined the
pumping mechanism experimentally under conditions of
varying bed form geometries [Marion et al., 2002], variable
hydraulic conductivity [Salehin et al., 2004], and within
gravel sediments [Tonina and Buffington, 2007] where
turbulence is likely to govern transport in the near-surface
sediments.
[6] While the pumping model focuses on transport occur-

ring below the sediment-water interface, research on trans-
port in porous media has examined the momentum balance
of the overlying flow and inside the sediments. This
analysis requires a model that can produce continuity in
velocity, shear, and pressure across the sediment-water
interface. Connecting the momentum equation in the over-
lying flow with that in the porous sediment bed has been
done by incorporating a conceptual boundary layer, referred
to as the Brinkman layer in the near-surface sediments,
which produces additional flow resistance terms and conti-
nuity in flow variables at the sediment-water interface
[Dade et al., 2001]. This model of hyporheic exchange is
referred to as the ‘‘slip flow’’ model. The boundary condi-
tion that connects the overlying flow and the porous
sediment bed introduces variables relating to the velocity
distribution within the Brinkman layer that need to be
related to the overlying flow and sediment character-
istics empirically. Beavers and Joseph [1967] quantified the
slip velocity (us) at the sediment-water interface as being
proportional to the velocity gradient in the overlying flow

with pore-averaged velocities decaying rapidly within the
Brinkman layer to the Darcy velocity. The decay of velocity
within the Brinkman layer is mediated through additional
resistance terms introducing an effective viscosity (ne)
within the sediment, which was found not to vary substan-
tially with depth in the sediments [Ruff and Gelhar, 1972].
More recently, ne was interpreted as an effective diffusion
coefficient (De), which was formulated using the slip flow
model of Ruff and Gelhar [1972] using velocity profile
measurements to quantify us [Fries, 2007].
[7] Natural aquatic systems tend to have spatially and

temporally variable fluid-flow and geomorphic conditions
that generate heterogeneity in the factors controlling hypo-
rheic exchange. Parameterizing the variables in the pumping
and slip flow models has only been applied to simplified
fluid-flow, sediment, and bed geometry conditions, which
makes application to natural systems difficult. A recent
numerical modeling investigation of hyporheic exchange
used computational fluid dynamic simulations to quantify
the pressure distribution over irregularly shaped bed forms
coupled to flow governed by Darcy’s law in the sediments
[Cardenas and Wilson, 2007]. This type of analysis has
improved upon the Elliott and Brooks [1997a] pumping
model that assumed simplified conditions at the sediment-
water interface (i.e., sinusoidal pressure distribution and a
flat bed). While this numerical modeling approach is reveal-
ing about the controlling processes of hyporheic exchange, it
is not an easily applied tool that can be used to interpret
empirical biogeochemical profiles. Another issue with this
model is that it defines a sharp boundary between the fluid-
flow in the water column and advective Darcy flow in the
sediments, which does not account for the penetration of
turbulent eddies into the sediment pore space for beds with
larger particle sizes [Nagaoka and Ohgaki, 1990].
[8] The reality for complex natural systems is that a

combination of processes including molecular diffusion,
advective pumping, shear-driven flow, and turbulence pen-
etration control surface and hyporheic water mixing. The
net hyporheic exchange via these fundamental processes
can be represented most simply as an effective diffusion
mechanism, where De is quantified by the measurement of a
conservative tracer between the water and sediments.
Richardson and Parr [1988] and Packman and Salehin
[2003] have related tracer-derived De values to variables
describing fluid-flow and sediment characteristics in attempt
to develop predictive scaling equations for hyporheic ex-
change. However, the data sets used in these investigations
were limited to fairly narrow ranges in fluid-flow and
sediment conditions. There is also some uncertainty be-
tween these studies with regards to which flow and sedi-
ment variables best characterize transport. For example, it is
not clear whether fluid-flow conditions should be quantified
using the average velocity (U) or the shear stress velocity
(u*), or whether sediments should be characterized by
permeability (K), hydraulic conductivity (Kc), or some
variable describing the particle size distribution.
[9] The motivation for this study was to quantify hypo-

rheic exchange in complex natural systems where a combi-
nation of transport mechanisms control fluxes, and to
evaluate conditions for which simple advection-based mod-
els are applicable. Additionally, we wanted to develop a
model for hyporheic exchange that could be used to
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interpret reaction rates from biogeochemical profiles in
natural systems (i.e., streams where hyporheic exchange is
highly variable, and in advective nearshore marine systems)
where the traditionally used molecular diffusion-based
models are not always valid. In this investigation, we
synthesized previous laboratory conservative tracer experi-
ments and used dimensional analysis to scale De over a
wide range of fluid-flow and sediment characteristics. The
scaling relationship for De was used to interpret dissolved
oxygen (DO) profiles in sediments from previous flume,
open channel, and field investigations. The modeled DO
reaction rates were compared to measured flux values to
evaluate the reliability of De model. The use of a scaling
relationship to quantify hyporheic exchange sacrifices a
mechanistic understanding of the individual transport
processes involved, in order to gain a more simple and
robust transport model that can be applied over a wide
range in fluid-flow and sediment conditions. The main
benefit for this more simplified approach is in its applica-
tion for examining empirical data addressing coupled
biogeochemical-hyporheic exchange processes in near-
surface sediments.

2. Background Information

[10] In this section we describe the basics of three
commonly used hyporheic exchange models: effective dif-
fusion, pumping, and slip flow. The effective diffusion
model lumps together physical transport mechanisms into
a single De coefficient, while the pumping and slip flow
models primarily focus on advective transport within the
sediments. There are alternative methods for quantifying
hyporheic exchange such as a nonlocal exchange models
[e.g., Marinelli et al., 1998] and examination of sediment
tracer breakthrough curves [e.g., Reimers et al., 2004],
which were not examined in this study.

2.1. Effective Diffusion

[11] Biogeochemical and transport processes across the
sediment-water interface are three-dimensional in nature.
However, for point measurements of biogeochemical gra-
dients, the interpretation of process rates are often viewed
from a one-dimensional perspective and multiple profiles with
information on sediment topography can be used to capture
spatial variability [e.g., Røy et al., 2002]. Viewing transport as
diffusion provides a direct means to evaluate biogeochemical
gradients using a mass conservation formulation

@C

@t
¼ @

@y
De

@C

@y

� �
� R ð1Þ

where C is concentration, t is time, and R is the net uptake
rate (sum of production and uptake reactions). This type of
model has been used to quantify biogeochemical processes
such as photosynthesis and respiration rates by comparing
DO profiles in sediments over time between light and dark
cycles [e.g., Revsbech et al., 1986]. For many biogeochem-
ical processes of interest, a steady state form of equation (1)
is suitable for interpretation of reaction rates and a
numerical fitting algorithm PROFILE has been developed
to evaluate microsensor profiles [Berg et al., 1998].
[12] Molecular diffusion has often been assumed to be the

driving transport mechanism when examining biogeochem-

ical gradients in sediments [Reimers et al., 2001]. The
molecular diffusion coefficient (Dm) must take into account
the diffusion around sediment particles, which has been
examined theoretically [Berner, 1980], as well as empiri-
cally by relating the sediment tortuosity to measured elec-
trical resistivity and sediment porosity (q) [Archie, 1942].
Several studies have used these methods to derive expres-
sions between tortuosity and q [e.g., Boudreau, 1996],
which can be used to generalize the expression for the
molecular diffusion in sediments as

De ¼ bDm ¼ D0
m ð2Þ

where b represents the empirical expression for tortuosity as
a function of q, and in this study we used

b ¼ 1

1þ 3 1þ qð Þ ð3Þ

as described by Iversen and Jørgensen [1993]. In addition
to molecular diffusion, the effects of bioturbation, turbulent
diffusion, and dispersion have been included into the
expression of effective diffusion

De ¼ b Dm þ Dbð Þ þ Dd ð4Þ

where the biodiffusivity (Db) and dispersion coefficient (Dd)
must be obtained empirically or modeled [Berg et al., 1998;
Güss, 1998].
[13] A measured value for De over a sediment bed can be

obtained directly by use of a conservative tracer. Consider a
closed system (i.e., a recirculating flume) where the tracer
concentration in the sediments (C) is initially zero, and the
tracer concentration in the overlying water is Cw = Co (well-
mixed system initially). Hyporheic exchange will drive a
tracer into the sediment pore water resulting in a decrease of
tracer concentration in the overlying water over time.
Modeling hyporheic exchange as an effective diffusion
process, the flux of tracer to the sediments is governed by
Fick’s second law

@C

@t
¼ De

@2C

@y2
ð5Þ

and with the well-mixed system approximation, the
boundary conditions for equation (5) are: the concentration
at the sediment-water interface is equal to Co, and @C/@y = 0
deep in the sediments. A solution for equation (5) can be
obtained for C assuming a semi-infinite domain and using
Laplace transforms resulting in

C ¼ Co 1� erf
y

2
ffiffiffiffiffiffiffi
Det

p
� �� �

ð6Þ

as described by Crank [1975]. The flux of solute from the
overlying water to the sediments is governed by Fick’s first
law

J ¼ �De

dC

dy

�����
y¼0

ð7Þ
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and taking the derivative of equation (6) at the sediment-
water interface and inserting it into equation (7) gives an
expression of the solute flux

J ¼ Co

ffiffiffiffiffiffi
De

pt

r
ð8Þ

which is different from the work by Packman and Salehin
[2003]; Packman et al. [2004] by a factor of

ffiffiffi
p

p
caused by

an error in grouping terms in their derivation.
[14] The net solute flux can also be obtained by a mass

conservation expression

J ¼ �Vw

As

dCw

dt
ð9Þ

where Vw is the volume of the overlying water in the
recirculating system, As is the surface area of the sediment
bed, and Cw(t) is the solute concentration in the overlying
water as a function of time. Equating equations (8) and (9),
rearranging terms, and integrating results in

Cw ¼ Co 1� 2
As

Vw

ffiffiffiffiffiffiffi
Det

p

r !
ð10Þ

which describes a linear decrease in solute concentration
with respect to t1/2. Experimental tracer data typically
follows this linear behavior for initial time periods, but the
decrease in Cw eventually decays over long time periods
[Marion et al., 2002]. The initial slope of a plot of Cw

versus t1/2 can be used to quantify De as

De ¼
ffiffiffi
p

p

2

Vw

As

dC*

d t1=2ð Þ

� �2

ð11Þ

where C* = Cw/Co is the normalized solute concentration in
the overlying water. The error in the expression for J
(equation (8)) used by Packman and Salehin [2003] and
Packman et al. [2004] propagates through in their
formulation for De, which differs from equation (11) by a
factor of p.

2.2. Pumping Model

[15] The pumping model presented by Elliott and Brooks
[1997a] quantifies hyporheic exchange by examining the
sediment domain of the problem. The continuity equation
for steady flow in sediments, assuming isotropic sediments
(constant hydraulic conductivity, Kc) follows Laplace’s
equation

r2h ¼ 0 ð12Þ

where h is the piezometric head (h = p/rg, where p is
pressure and r is the density of water). The pressure field
within the sediments is calculated assuming a sinusoidal
head distribution at the sediment-water interface,

h y ¼ 0ð Þ ¼ hm sin
2p
l
x

� �
ð13Þ

where l is the bed form wavelength, x is the streamwise
coordinate, and hm is the half amplitude of the piezometric
head variation at the sediment-water interface, which has
been empirically derived as

hm ¼ 0:28
U2

2g

D=H

0:34

� �g

ð14Þ

where U is the average velocity, D is the bed form height,
H is the water depth, and g is an empirical constant (g = 3/8
forD/H < 0.34, and g = 3/2 forD/H 	 0.34) [Elliott, 1990].
The resulting solution for the h distribution is

h ¼ hm sin
2p
l
x

� �
e�

2p
l y ð15Þ

where y is the vertical coordinate. Darcy’s law is used to
calculate the seepage velocity field (v, a volume average of
the interstitial velocity) in the sediments and produces
streamlines entering and exiting the sediments according to

v ¼ �Kg

n
rh ð16Þ

where K is the sediment permeability, g is the acceleration
due to gravity, and n is the kinematic viscosity.
[16] The net hyporheic exchange to the sediments is

evaluated by assuming that the sediment bed is initially
free of solute and the pumping model then tracks the
accumulation of solute mass inside the bed over time. An
average residence time function R(x) is introduced, which
represents the fraction of solute that has remained in the
sediment bed for an elapsed time x (for a more detailed
description of R(x), see Elliott and Brooks [1997a,
Appendix]). This accounts for the fact that solute is entering
and exiting the sediments with a distribution of associated
residence times. The flux of a solute into the sediment bed
normalized by the solute concentration in the overlying
water, C, is

q xð Þ ¼ v 
 n if v 
 n 	 0

0 if v 
 n < 0

�
ð17Þ

where n is the unit vector normal to the sediment-water
interface. The average normalized flux, q, is calculated by
taking the average of the absolute value of v 
 n over the
entire surface of the sediment bed. The accumulation of
solute mass per unit area of the bed can be estimated as the
convolution integral of the residence time function

M tð Þ ¼ q

Z 1

x¼0

R xð ÞC t � xð Þdx ð18Þ

which tracks the mass accumulation inside the sediments.
To get the net hyporheic exchange, information on C(t) in
the overlying water is measured and equation (18) is
coupled to a mass conservation equation in the overlying
water.
[17] The pumping model can be formulated to represent

mass transfer by effective diffusion in the same manner
used to derive equation (11) where the flux at the
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interface according to Fick’s second law was equated with
the net solute flux derived from a mass balance on the
recirculating water in the flume. The analogous expression
to equation (10) describes the solute mass accumulation in
the sediments

M 0

q
¼ 2

ffiffiffiffiffiffiffi
Det

p

r
ð19Þ

where M 0 = M/Co and M 0/q is known as the effective depth
of solute penetration. A plot of M 0/q versus t1/2 has a linear
increase initially and the slope can be used to quantify De

as:

De ¼
ffiffiffi
p

p

2

d M 0=qð Þ
d t1=2ð Þ

� �2

ð20Þ

[18] During the initial time period of a tracer experiment,
Elliott and Brooks [1997a] showed that the convolution
integral (equation (18)) can be approximated by

M 0

q
¼ 3:5

2p

ffiffiffiffiffiffiffiffiffiffiffiffi
Kchmt

q

r
ð21Þ

which is valid up to a point where the bed starts to become
saturated with tracer. Combining equations (19) and (21)
results in

De ¼
1

pq
3:5

4

� �2

Kchm ð22Þ

which represents an estimation of De using the pumping
model with a sinusoidal pressure gradient at the sediment-
water interface based only on sediment and fluid-flow
variables.

2.3. Slip Flow Model

[19] The slip flow model depicts the transition in physics
from the overlying fluid-flow to the porous media flow in
the sediments. This means connecting the Navier-Stokes
equation for the overlying flow and within the sediment
pores at the microscale to Darcy’s law in the porous
sediment bed at the macroscale. Mathematically, this is a
challenge as the Navier-Stokes equation is a second-order,
nonlinear equation and in the overlying flow is expressed as

@u

@t
þ u 
 ru ¼ �rp

r
þ nr2uþ Fb ð23Þ

where u is the velocity vector field in the overlying flow, p
is pressure, and Fb is the net body force (or gravity term in
free surface problems). Darcy’s law, which was empirically
deduced but can also be derived from the Navier-Stokes
equations through averaging over large pore volumes, is a
first-order, linear equation

rp

r
¼ � n

K
v ð24Þ

which is the same as equation (16) written in terms of p
instead of h. Some researchers have treated this problem

using a single domain (overlying water and sediment bed)
[e.g., Basu and Khalili, 1999]. Zhou and Mendoza [1993]
started with equation (23) and used ensemble averaging to
derive equations describing the macroscale transport within
the sediment bed.
[20] A more basic approach to this two-domain problem

involves only examining the sediment bed portion and
including additional force terms to equation (24) in the
fashion of Beavers and Joseph [1967] and Ruff and Gelhar
[1972]. This requires the use of the conceptual Brinkman
boundary layer just below the sediment-water interface. The
characteristic length scale for the Brinkman layer is

ffiffiffiffi
K

p

[Beavers and Joseph, 1967] over which the additional flow
resistance is generated by viscous shear stress and nonlinear
form drag. The extended Darcy equation is formed with the
addition of these terms as:

rp

r
¼ � n

K
vþ ner2v� CDffiffiffiffi

K
p v2 ð25Þ

The third term in equation (25) represents the Brinkman
term and introduces an effective viscosity (ne). The fourth
term in equation (25) represents the Forchheimer term
where CD is a dimensionless form drag coefficient, which is
a property of the porous sediment bed [Venkataraman and
Rama Mohan Rao, 1998]. Ruff and Gelhar [1972] solved
for the v field using equation (25) with an empirically
derived value for CD and evaluating ne as both a constant
and varying with depth. This solution for v also provided an
expression of the slip velocity, us, tangential to the
sediment-water interface (the slip velocity is on the water
side of the interface and is not a volume average of the
interstitial velocity). Their resulting expression for us
assuming a constant ne was

us

u*

 !3

þ 3

2CDReK

us

u*

 !2

¼ 3ReK

2CD

n
ne

ð26Þ

where ReK = u*
ffiffiffiffi
K

p
/n is the Reynolds number characterizing

flow within the Brinkman layer. Fries [2007] evaluated ne
as an effective diffusion (ne � De) in equation (26), which
was rearranged as

De ¼
3nRe2K

2CDReKu
3
sþ þ 3u2sþ

ð27Þ

where the dimensionless slip velocity, us+ = us/u*, was
estimated by fitting measured velocity profiles to the
Reichardt velocity profile.

2.4. Previous Studies Examining Effective Diffusion
Model

[21] Hyporheic exchange is a result of a combination of
processes, which is why several transport models have been
developed to simulate and analyze empirical data. The three
most commonly used transport models are the effective
diffusion, pumping, and slip flow models presented previ-
ously. The pumping and slip flow model are mechanistic in
that they quantify the physics of advective transport by
making simplifications to the physical conditions of the
problem. While the effective diffusion model uses the
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mathematics of diffusive transport, it is an empirical model
as the transport parameter De represents the net transport by
several processes and must be obtained from experimental
data. Tracer tests provide a means to quantify De directly,
but the only way to obtain De, a priori, is through the
development of predictive correlations with respect to fluid-
flow and sediment characteristics controlling hyporheic
exchange.
[22] Scaling De to physical conditions governing trans-

port requires thorough, multivariate analysis of the control-
ling variables. Previous scaling attempts have focused on
relating De to a characteristic velocity and length scale
relevant to the perceived transport mechanism controlling
hyporheic exchange. Richardson and Parr [1988] per-
formed tracer experiments in a flume with a flat bed of
glass spheres. The mass transfer was assumed to be dom-
inated by shear-induced flow (slip flow model) at the
interface and they found that u* and K best explained the
variability in experimental De values according to De =
6.59 
 10�5Dm(u*

ffiffiffiffi
K

p
/n)2. Packman and Salehin [2003]

used dimensional analysis and available literature data to
scale De to the Reynolds number (Re = UH/n) of the
overlying flow, where U is the average velocity and H
is the stream depth. This scaling resulted in power law
relationship of De � Re2 with varying intercepts for studies
using different types of sediment particle sizes and bed
form configurations. The velocity head term (U2/2g) in
equation (14) of the pumping model was interpreted as
the cause of the observed Re2 scaling. In a separate study
involving a flat bed with gravel sized sediments, De was
scaled to the particle Reynolds number (Rep = Udp/n)
[Packman et al., 2004], which also demonstrated Rep

2

scaling but with a better collapse in data from studies using
different particle sizes and bed form configurations.
[23] These previous studies that examined the scaling of

De have provided insight on some of the controlling
variables affecting hyporheic exchange. However, these
scaling relationships have not received much attention
because they were developed using fairly limited data sets,
and they lack validation in their application in predicting
hyporheic exchange. More recently, Marion and Zaramella
[2005] used a small set of published flume studies and
demonstrated that the effective diffusion model accurately

characterized hyporheic exchange for a broad, intermediate
range of time periods relating to the exchange process. They
also concluded that a depth-independent value of De is
sufficient for the effective diffusion model in predicting
hyporheic exchange.

3. Methods

3.1. Hyporheic Exchange Data Sets

[24] We compiled data from various flume tracer studies
in order to examine the effects of varying fluid-flow and
sediment conditions on transport in permeable sediments.
The data sets are summarized in Table 1. The first task was
to get a consistent set of measured De values from the tracer
experiments, as well as fluid-flow and sediment conditions.
The procedures used to calculate De vary somewhat be-
tween studies, depending upon how the tracer experiment
was conducted. Nagaoka and Ohgaki [1990] used a salt
tracer in the overlying water and conductivity probes at four
depths and obtained De using equation (5). This type of
measurement was possible because of the large, uniform
particles used to make the bed (Table 1). Richardson and
Parr [1988] and Lai et al. [1994] used a sediment bed
saturated with a dye tracer of concentration Co,s and
measured the mass accumulation of tracer in the overlying
water column as a function of time. For this type of
experiment, De was calculated using

De ¼
ffiffiffi
p

p

2Co;s

dMw

d t1=2ð Þ

� �2

ð28Þ

where Mw is the cumulative mass of dye transferred from
the sediment to the water. The rest of the studies used a
tracer, initially in the water column only, and tracked either
the decrease of solute concentration in the water column
(equation (10)), or the solute mass accumulation in the bed
(equation (19)). For all studies, we used the plots of either
mass or concentration versus the square root of time to
compute the needed slopes in equations (11), (20), and (28)
for calculating experimental De values.
[25] Reported variables relating to fluid-flow and sedi-

ment conditions included U, bed geometry, particle size
distribution information, q, and either K or hydraulic con-

Table 1. Summary of Sediment and Fluid-Flow Conditions for Hyporheic Exchange Data Sets

Study dg (mm) K (10�6 cm2) q D (cm) l (cm) u* (cm s�1) U (cm s�1) H (cm)

Richardsona 0.1–3.0 0.17–71 0.36–0.40 0 0 0.3–1.3 3.7–22.9 0.6–1.9
Nagaokab 19.0–40.8 500–2300 0.24 0 0 1.1–4.3 8.9–42.8 3.2–7.0
Laic 0.5–3.2 2.3–19 0.36–0.38 0 0 0.2–0.6 7.4–15.4 0.5–2.0
Elliottd 0.1–0.5 0.08–1.1 0.30–0.33 1.1–2.5 9–30 1.3–2.4 8.6–13.2 3.1–6.5
Marione 0.85 5.0 0.38 0–3.5 0–120 1.7–1.8 22.0–28.0 10.9–12.3
Packmanf 4.8 150 0.38 0–3.7 0–32 1.1–3.2 9.0–36.1 11.3–20.5
Variousg 0.5 0.68–1.8 0.29–0.38 0.8–1.9 15–70 0.5–1.7 12.0–23.7 7.1–12.7
Toninah 9.8–10.8 51 0.34 3.6–12.0 515–560 3.8–5.5 28.2–46.0 3.9–10.4

aRichardson and Parr [1988], flat bed with glass sphere sediments.
bNagaoka and Ohgaki [1990], flat bed with glass sphere sediments.
cLai et al. [1994], flat bed with glass sphere sediments.
dElliott and Brooks [1997b], bed forms with sand sediments.
eMarion et al. [2002], flat bed and bed forms with sand sediments.
fPackman et al. [2004], flat bed and bed forms with gravel sediments.
gPackman et al. [2000], Packman and MacKay [2003], Ren and Packman [2004], and Rehg et al. [2005], flat bed and bed forms with sand sediments.
hTonina and Buffington [2007], bed forms with gravel sediments.
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ductivity (Kc). Shear stress velocity was either reported or
obtained by using the normal flow estimation (u* =

ffiffiffiffiffiffiffiffiffi
gHS

p
,

where S is the slope of the bed). Particle size distribution
information was used to estimate the geometric mean
particle size (dg) and the particle size such that 90% of
the particles are finer (d90). The studies used a variety of
sediment bed geometries that included flat beds, as well as
those containing natural and regular bed forms characterized
by the bed form wavelength (l) and amplitude (D). Hypo-
rheic exchange is affected by the bed geometry, so it is
difficult to compare values between flat beds and those with
bed forms. We used the definition of roughness height (ks)
described by van Rijn [1984]

ks ¼ 3d90 þ 1:1D 1� e�25D=l

 �

ð29Þ

which provided a single variable for examining the effects
of particle size and bed geometry on hyporheic exchange
processes. Values of K or Kc were reported in most studies
(K = Kcn/g) except for Nagaoka and Ohgaki [1990], which
only gave information on particle size. For the Nagaoka
study, K was estimated using the Kozeny-Carmen equation

K ¼ 5:6
 10�3 q3

1� qð Þ2
d2g ð30Þ

which is one of the most widely used equations for
predicting permeability for sediments with fairly uniform
size distributions [Freeze and Cherry, 1979].

3.2. Dimensional Analysis

[26] Buckingham’s P theorem was used to generate
dimensionless groupings of the controlling variables that
involved three steps: (1) listing the minimum number of
variables needed to describe hyporheic exchange, (2) gen-
erating dimensionless groupings of the controlling varia-
bles, and (3) using the compiled hyporheic exchange data
set to determine a power law scaling relationship for De.
The variables chosen for dimensional analysis represent the
relevant fluid-flow and sediment conditions controlling
hyporheic exchange according to both the pumping and
slip flow models

De ¼ f D0
m;U ; u*; ks;

ffiffiffiffi
K

p
; n


 �
ð31Þ

where D0
m is defined by equation (2) and includes q; ks is

defined by equation (29) and includes the variables d90, D,
and l describing the sediment bed. Equation (31) contains
seven variables that are composed of two dimensions
(L and T), which resulted in the possibility of 7 � 2 = 5
dimensionless groupings. The five dimensionless groups
were simplified to produce four groupings of dimensionless
numbers known to affect hyporheic exchange

De

D0
m

� U

u*

 !
;

u*ks

n

� �
;

u*

ffiffiffiffi
K

p

D0
m

 !
ð32Þ

where U/u* = Cz is the Chézy resistance coefficient, u*ks/n =
Re* is the shear Reynolds number, and u*

ffiffiffiffi
K

p
/D0

m = PeK
is the permeability based Péclet number. Rewriting

equation (32) with these dimensionless numbers in the
form of a power law scaling results in

De

D0
m

¼ aCa
z Re

b

*
PecK ð33Þ

where a is a dimensionless constant. Individual correlations
between De/D

0
m and the dimensionless numbers (Cz, Re*, and

PeK) were used to determine the scaling exponents a, b, and c.

3.3. Dissolved Oxygen Data Sets

[27] We examined previous studies measuring DO pro-
files in sediments and compiled available information on
fluid-flow and sediment conditions (see auxiliary material,
Tables S1–S4).1 Many of the DO profiles were measured in
a stagnant or mixed chamber systems where estimating u*
was not possible. Also, it was uncommon to list detailed
particle size distribution and in some cases, neither K or Kc

was reported.
[28] Data from four investigations was used to assess the

scaling relationship for quantifying De in interpreting uptake
and production rates from DO concentration profiles. The
experimental conditions for these four investigations in-
clude recirculating flumes [Güss, 1998; O’Connor and
Hondzo, 2008b], a large-scale flow-through channel
[O’Connor and Hondzo, 2008a], and field measurements
taken within the south fork of the Iowa River located in
central Iowa (B. L. O’Connor et al., unpublished data,
2007). The relevant sediment and fluid-flow conditions
for these studies are listed in Table 2. The DO concentration
profiles from the Iowa River were performed in a similar
fashion as those described by O’Connor and Hondzo
[2008a] using a Unisense OX-N needle sensor (tip diameter
of 1.1 mm) with a PA2000 picoammeter (Unisense, Aarhus,
Denmark) sampling at a frequency of 1 Hz. A Rickly point
gage (Rickly Hydrological, Columbus, OH) with 1-mm
precision was attached to a tripod and used to traverse the
needle sensor. Information regarding the Iowa River sam-
pling site is included in the auxiliary material.
[29] The depth zonation of DO production and uptake

rates were estimated from the concentration profiles within
the sediments using the PROFILE model [Berg et al., 1998].
This model fits concentration data to equation (1) describing
one-dimensional, steady state diffusion and includes a sta-
tistical algorithm to minimize the number of zones needed to
match the measured concentration profile. The DO concen-
tration at the sediment-water interface and a zero flux at a
depth below the DO penetration depth (d, where C = 0) were
used as boundary conditions for the model. The PROFILE
analysis was performed twice for each profile, first using
molecular diffusion (D0

m) described by equation (2), and
then using effective diffusion (De) described by the scaling
relationship developed in section 3.2. The net DO flux (JDO)
to the sediments was calculated using a sediment-side
estimate from the production/uptake zones according to

JDO ¼
Z d

i¼0

Rdy ð34Þ

1Auxiliary materials are available in the HTML. doi:10.1029/
2008WR007160.
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where R is the net uptake rate, so a negative value indicates
DO production. This estimate of JDO was compared to
measured DO fluxes (Jm) that were obtained using water-
side flux estimation methods as described in each study, and
the method described by O’Connor and Hondzo [2008a]
was used for the Iowa River data.

4. Results

4.1. Scaling Effective Diffusion Using Hyporheic
Exchange Data Sets

[30] The experimental De values derived from the hypo-
rheic tracer data were compared to individual variables

describing fluid-flow and sediment conditions. The compar-
isons exhibited positive correlations (Figure 1), and all
correlations were statistically significant (p < 0.05) except
for the correlation with stream depth, H (Figure 1c). No
single variable serves as a good predictor for De as
expected. These individual correlations were used as guide-
lines in selecting variables for dimensional analysis with the
notion that a variable with greater explanatory power
individually, will facilitate a better collapse of the experi-
mental De data in a multivariate dimensionless expression.
[31] The variables listed in equation (31) for scaling De to

fluid-flow and sediment characteristics is the final result of
the dimensional analysis. Several iterations of the three

Table 2. Summary of Sediment and Fluid-Flow Conditions for Dissolved Oxygen Profile Data Sets

Study Experiment dg (mm) K (10�6 cm2) q u* (cm s�1) U (cm s�1) H (cm)

Gussa (flume) E-2 0.4 7.0b 0.50 0.21 2.8 3.0
E-1 0.4 7.0b 0.50 0.41 10.5 3.0
D-2 0.4 7.0b 0.50 0.61 23.3 3.0

O’Connorc (channel) OC-1 6.8 2.2 0.35 0.15 1.0 8.0
OC-2 6.8 1.6 0.35 0.41 5.0 16.0

O’Connord (flume) 2 0.4 2.0 0.60 0.23 4.0 7.5
5 0.4 2.0 0.60 0.44 8.2 7.5
6 0.4 2.0 0.60 0.56 11.2 7.5
10 0.4 2.0 0.60 0.46 9.0 7.5
11 0.4 2.0 0.60 0.53 11.0 7.5

Iowa River (field) MP2 25.0e 0.7 0.32 4.80 58.3 52.0
MP4 40.0e 0.04 0.32 2.70 27.2 34.5

aGüss [1998].
bEstimated using equation (30).
cO’Connor and Hondzo [2008a].
dO’Connor and Hondzo [2008b].
ed90 values are reported.

Figure 1. Correlations between effective diffusion values, De, and variables describing fluid-flow
and sediment conditions: (a) average velocity, U; (b) shear stress velocity, u*; (c) flow depth, H;
(d) permeability, K; (e) roughness height, ks; and (f) geometric mean particle size, dg.
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steps described in section 3.2 were performed, and the
variables listed in equation (31) provided the best collapse
in the experimental De data. Correlations between the
dimensionless groups of equation (32) that were used to
determine the scaling exponents a, b, and c in equation (33)
are shown in Figure 2. Positive correlations were observed
for De/D

0
m with Re* and PeK with similar slopes (�2) and

R2 = 0.89 and 0.87, respectively. The correlation between
De/D

0
m and Cz depicted a negative correlation with a high

degree of scatter in the data (R2 = 0.32) and a slope of
approximately �5. This weak correlation with Cz is partially
caused by the fact that Cz values only range between 2 and
40 whereas the values for De/D

0
m range over six orders of

magnitude.
[32] The Cz term was dropped from equation (33) because

its weak correlation with De/D
0
m did not provide explana-

tory power. A plot of De/D
0
m versus Re*

7/4PeK
9/4 had a slope

of 0.55, which was combined with the scaling exponents
b = 7/4 and c = 9/4 to give the final De scaling equation as

De

D0
m

¼
5
 10�4Re

*
Pe

6=5
K for Re

*
Pe

6=5
K 	 2000

1 for Re
*
Pe

6=5
K < 2000:

8><
>: ð35Þ

where the inverse of the scaling constant (a = 5 
 10�4)
provided a threshold value in transport conditions (Re*PeK

6/5 =
2000) below which transport was governed by molecular
diffusion resulting in De/D

0
m = 1 (Figure 3). All but one of

the experimental De data points were above the threshold
condition for molecular diffusion. The scaling relationship
described by equation (35) had a slope of one and explained
95% of the variance with 95% confidence intervals of the
slope between 0.93 to 1.02, and a between 2.4 
 10�4 and
1 
 10�3.
[33] The experimental tracer De data was compared with

the estimation expressions using the pumping model, slip
flow model, and the scaling relationship described by
equations (22), (27), and (35), respectively (Figure 4). The
pumping model estimation is a function of hm, which
implies the presence of bed forms. For flat bed experiments,
D was assumed to be dg in equation (14). The estimation

expression of the slip flow model requires a normalized slip
velocity, us

+. None of the hyporheic exchange investigations
provided depth profiles of the streamwise velocity, so the
method used by Fries [2007] could not be used. Instead,
we used the expression of Engelund [1970], us

+ = 1.9 +
2.5 ln(H/k0s) where k0s = 2.5dg is the equivalent sand
roughness height, which resulted in us values that ranged
between 3–15 
 u*. The pumping model estimation matched
experimental De values for the experiments of Elliott
and Brooks [1997b], Marion et al. [2002], and Packman
et al. [2004], but overestimated De for the other studies
(Figure 4a). The slip flow model underestimated experi-
mental De values for all the studies examined.

4.2. Effective Diffusion Model for Interpreting
Dissolved Oxygen Uptake

[34] The DO concentration profiles listed in Table 2 were
analyzed using the effective diffusion model (De, equation (35))
and the traditional molecular diffusion model (D0

m,
equation (2)). The PROFILE model was used to determine
the depth distribution of the net DO uptake rate (R in
equation (1)). Experiment D-2 from Güss [1998] depicted
a different pattern in the distribution of R between the
molecular and effective diffusion models (De/D

0
m = 3.5),

yet both models matched the DO concentration profile. For
molecular diffusion, R = 118 g m�2 d�1 from the sediment-
water interface down to 1.3 mm, whereas the effective
diffusion model had R = 0 down to 0.6 mm and R =
950 g m�2 d�1 between 0.6 and 1.3 mm (Figure 5a).
Experiment 6 from O’Connor and Hondzo [2008b] dem-
onstrated similar patterns in the distribution of R between
molecular and effective diffusion models but with varying
rates. From the sediment-water interface down to 0.8 mm,
R increased from 555 to 1040 g m�2 d�1 (Figure 5b).
[35] The DO profiles from the experiments by Güss

[1998] and O’Connor and Hondzo [2008b] were measured
in flumes that prevented light penetration, which inhibited
photosynthesis. For the experiments of [O’Connor and
Hondzo, 2008a] and the Iowa River, the DO concentration
profiles were performed in sediments with algal presence,
so DO production was a factor. The molecular and effective
diffusion models produced similar patterns in the distribu-

Figure 2. Correlations between the dimensionless effective diffusion, De/D
0
m, and the dimensionless

groupings from equation (33): (a) Chézy coefficient, Cz = U/u*; (b) the shear Reynolds number, Re* =
u*ks/n; and (c) the permeability Péclet number, PeK = u*

ffiffiffiffi
K

p
/n. The scaling coefficients a, b, and c are the

slopes of the individual plots.
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tion of DO uptake and production, but with large differ-
ences between rates (Figure 6). Experiment OC-2 from
[O’Connor and Hondzo, 2008a] demonstrated DO produc-
tion from the sediment-water interface down to 0.85 mm
with R = �184 and �1.2 
 104 g m�2 d�1 for the molecular
and effective diffusion models, respectively. Below the DO

production zone, DO uptake rates were slightly greater
between R = 204 and 1.3 
 104 g m�2 d�1 down to
1.7 mm in the sediments. The DO uptake rates then
decreased to R = 5 and 318 g m�2 d�1 down to the DO
penetration depth (d = 4.25 mm, Figures 6a and 6b). A
similar pattern of a sharp transition between DO production

Figure 3. Resulting scaling relationship of the effective diffusion coefficient, De, from dimensional
analysis. The change from molecular based diffusion described by equation (2) to effective diffusion
described by equation (35) occurs at the threshold value of Re*PeK

6/5 = 2000.

Figure 4. Comparison between experimentally derived effective diffusion values, De, and estimates
based on the (a) pumping model, (b) slip flow model, and (c) scaling relationship described by equations
(22), (27), and (35), respectively.
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and uptake was observed for experiment MP2 for the Iowa
River study. However, the maximum DO production was
located 6 mm below the sediment-water interface with R =
�4.1 and �4.8 
 104 g m�2 d�1 for the molecular and
effective diffusion models. The maximum DO uptake was
slightly lower than the maximum DO production with R =
3.8 and 4.4 
 104 g m�2 d�1 from 12 to 18 mm within the
sediments, followed by R = 0.8 and 1.6 
 104 g m�2 d�1

down to d = 24 mm (Figures 6c and 6d).
[36] The differences in DO uptake and production between

the effective and molecular diffusion models (Figures 5
and 6) demonstrates a range in De/D

0
m values between 1 and

3750 for all the studies examined. The net DO flux for the
molecular and effective diffusion models, estimated by the
integration of the DO uptake profiles (JDO, equation (34)),
was compared to an independent measurement of the flux
(Jm) for each experiment (Table 3), with the ratio of the fluxes

shown in Figure 7. For the experiments of Güss [1998], both
the effective and molecular diffusion models underestimated
Jm, except for the effective diffusion model in experiment
D-2, which closely matched Jm. For experiments 5, 6, 10, and
11 ofO’Connor and Hondzo [2008b] the measured Jm values
were between the molecular and effective diffusion model
fluxes, yet the effective diffusion model provided better
flux estimates based on percent difference. In general, for
De/D

0
m < 3, the molecular and effective diffusion models

bounded the measured flux while for De/D
0
m 	 3, the

effective diffusion model closely match the measured flux
and the molecular model underestimated the flux by as much
as a factor of 105 for De/D

0
m = 3750.

5. Discussion

[37] Studying biogeochemical reactions in aquatic sedi-
ments is challenging because of the complexity of the
individual physical, chemical, and biological components.
The complexity is one reason why numerical modeling
approaches are becoming a popular tool for addressing
coupled biogeochemical-hyporheic processes [e.g., Meys-
man et al., 2007]. However, measurements of hyporheic
exchange and biogeochemical gradients need to be contin-
ued because simple kinetic expressions used for modeling
studies are not directly transferable to systems with complex
sediments where multiple controlling factors such as redox
potential, organic carbon, microbiological gradients, and
coupled biogeochemical processes all interact with transport
processes to control reaction rates. Quantifying biogeo-
chemical reaction rates on the basis of measured concen-
tration profiles provides a method for examining the depth
distribution of the process in relation to gradients of con-
trolling environmental factors in the sediments. This em-
pirical approach requires lots of data collection to capture
the inherent spatial and temporal variability in controlling
factors. The data collected could be used for quantifying
biogeochemical reaction rates in a similar manner that was
applied to quantifying hyporheic exchange in this study,
through the development of scaling relationships between
the reaction rates and controlling environmental factors,
for which some progress has been made [e.g., O’Connor et
al., 2006]. However, further work is needed in identifying
all relevant variables affecting the individual biogeochem-
ical reactions and determining the appropriate methods for
their quantification.
[38] Measurements of biogeochemical gradients of inter-

est are relatively simple to obtain (e.g., microsensors and
pore water samplers), and the De scaling relationship
developed in this study can be used to infer reaction rates
across a wide range in sediment and fluid-flow conditions.
This tool will allow researchers to address several of the key
questions regarding the complex interactions among con-
trolling factors, such as the debate over organic matter
quality versus transport control on carbon cycling in sedi-
ments [e.g., Rothman and Forney, 2007; Boudreau et al.,
2008], as well as extend research on coupled biogeochem-
ical processes, like DO uptake and denitrification [e.g.,
Arnon et al., 2007; O’Connor and Hondzo, 2008b] in
systems with more complex transport conditions. The
examples of DO uptake rates based on scaled De transport
values presented in this study were all under steady state
conditions; however, this type of analysis could be extended

Figure 5. Depth distribution of measured dissolved
oxygen (DO) concentrations, as well as modeled concentra-
tions and uptake rates, R, for (a) experiment D-2 from Güss
[1998] and (b) experiment 6 from O’Connor and Hondzo
[2008b]. The DO concentration and uptake profiles were
modeled using both molecular diffusion, D0

m, and effective
diffusion, De.
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to address nonsteady processes as well. For example,
photosynthesis rates are controlled by solar radiation that
varies over the course of the day. Typically, DO concentra-
tion profiles can be obtained on the order of minutes, so
multiple profiles can be measured to address the nonsteady
nature of photosynthesis. The value of De used to interpret

these profiles will be steady over time scales where the
individual sediment and fluid-flow variables defining De are
steady.
[39] Accurately quantifying the transport in aquatic sedi-

ments is essential to this approach for obtaining biogeo-
chemical reaction rates. As was shown in this study, the DO

Figure 6. Depth distribution of measured dissolved oxygen (DO) concentrations, as well as modeled
concentrations and uptake rates, R, using both the molecular (D0

m) and effective (De) diffusion models for
(a and b) experiment OC-2 from O’Connor and Hondzo [2008a] and (c and d) site MP2 from the Iowa
River study. Note the change in the x axis scale between the molecular and effective models.

Table 3. Comparison of Molecular (D0
m) and Effective (De) Diffusion Models With the Measured Dissolved

Oxygen Flux (Jm)

Study Experiment De/D
0
m JDO (D0

m) (g m�2 d�1) JDO (De) (g m�2 d�1) Jm (g m�2 d�1)

Guss (flume) E-2 1 0.114 0.114 0.658a

E-1 1.5 0.156 0.281 0.666a

D-2 3.5 0.185 0.794 0.733a

O’Connor (channel) OC-1 3 0.028 0.230 0.290b

OC-2 25 0.030 1.830 1.858b

O’Connor (flume) 2 1 0.340 0.340 0.353c

5 1.2 0.338 0.541 0.441c

6 2.1 0.473 0.864 0.577c

10 1.2 0.558 0.892 0.839c

11 1.6 0.744 1.172 0.996c

Iowa River (field) MP2 3750 3.96 
 10�5 2.904 2.905b

MP4 304 2.21 
 10�3 2.098 2.982b

aCalculated from dispersion model described by Güss [1998].
bCalculated from similarity model described by O’Connor and Hondzo [2008a].
cCalculated using a mass balance described by O’Connor and Hondzo [2008b].

12 of 17

W12423 O’CONNOR AND HARVEY: HYPORHEIC FLOW AND BIOGEOCHEMICAL REACTIONS W12423












